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ABSTRACT

The emerging view of the abyssal circulation is that it is associated with bottom-enhanced mixing, which
results in downwelling in the stratified ocean interior and upwelling in a bottom boundary layer along the
insulating and sloping seafloor. In the limit of slowly varying vertical stratification and topography, how-
ever, boundary layer theory predicts that these upslope and downslope flows largely compensate, such that
net water mass transformations along the slope are vanishingly small. Using a planetary geostrophic cir-
culation model that resolves both the boundary layer dynamics and the large-scale overturning in an
idealized basin with bottom-enhanced mixing along a midocean ridge, we show that vertical variations in
stratification become sufficiently large at equilibrium to reduce the degree of compensation along the
midocean ridge flanks. The resulting large net transformations are similar to estimates for the abyssal ocean
and span the vertical extent of the ridge. These results suggest that boundary flows generated by mixing
play a crucial role in setting the global ocean stratification and overturning circulation, requiring a revision

of abyssal ocean theories.

1. Motivation

The abyssal ocean, below 2500 m, is a massive reser-
voir for climatically active tracers such as carbon and
heat. The rates at which heat is mixed and advected into
the high-capacity abyssal ocean are key parameters in
understanding both past climate reconstructions (e.g.,
Toggweiler et al. 1989) and future projections of climate
change (e.g., Hansen et al. 1985). Similarly, the partitioning
of carbon between the deep ocean and the atmosphere is a
major factor on millennial-scale climate change, whether
natural (e.g., Sarmiento and Toggweiler 1984) or anthro-
pogenic in origin (Archer et al. 1998). It is thus vital to
have a firm phenomenological and dynamical under-
standing of the abyssal ocean’s mean state.

The general structure of the abyssal ocean circula-
tion is easily inferred from surface buoyancy fluxes and
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large-scale tracer properties (Sverdrup et al. 1942).
Antarctic Bottom Waters, the densest oceanic waters,
form in the Southern Ocean and fill the global abyssal
oceans up to a depth of about 2500 m (Talley 2013a).
They outcrop at the surface only in the Southern Ocean,
where they experience a significant area-integrated buoy-
ancy loss (Abernathey et al. 2016) and are converted back
into lighter waters by mixing with lighter overlying wa-
ters, resulting in a diabatic abyssal overturning circula-
tion of O(15) Sv, where 1Sv = 10°m?s~'. Nonlinearities
in the equation of state of seawater and geothermal
heating at the seafloor are thought to play secondary
roles in shaping this circulation (Emile-Geay and Madec
2009; de Lavergne et al. 2016a) and will be ignored in the
conceptual models described below.

Classical theories for the abyssal ocean describe the
steady state circulation and stratification of a flat-bottom
ocean forced by uniform turbulent mixing (Stommel 1957,
Robinson and Stommel 1959; Stommel and Arons 1959a,b;
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Munk 1966). These theories remain pedagogically use-
ful, but are at best qualitative descriptions, as demon-
strated for example by the fact that the direction of the
flow in the Stommel and Arons (1959a) solution changes
sign when a sloping seafloor is introduced (Rhines 1993)
and that the Munk (1966) solution does not satisfy the
no-flux boundary condition at the seafloor. The classical
view of a uniform mixing-driven upwelling is further
challenged by the observation that turbulent mixing is
typically bottom-enhanced over rough topography [see
MacKinnon et al. (2017) for a recent review], reversing
the sign of the vertical flow implied by the interior ocean
vertical density balance (Polzin et al. 1997; Ferrari
et al. 2016).

Since Munk (1966), several approaches have been
taken to address the limitations of classical theories.
First, boundary layer theories (Wunsch 1970; Thorpe
1987; Garrett 1990; Thompson and Johnson 1996) arose
to elucidate the local behavior of mixing-induced flow
along a sloping and insulating sea floor. Second, the
limitations of the Stommel and Arons (1959a) theory
inspired a number of extensions to account for baro-
clinic structure (Kawase 1987; Pedlosky 1992), nonuni-
form seafloor depth (Rhines 1993), and/or nonuniform
turbulent diffusivities k (Marotzke 1997; Samelson 1998).
Third, the observation of bottom-enhanced mixing mo-
tivated the development of progressively more so-
phisticated parameterizations of vertical (or diapycnal)
turbulent diffusivities (Bryan and Lewis 1979; St. Laurent
and Garrett 2002; Polzin 2009) which have been subse-
quently implemented into general circulation models
(Huang and Jin 2002; Jayne 2009; Melet et al. 2016).
Fourth, the conundrum of interior downwelling implied
by bottom-enhanced mixing was resolved by applying
the water mass transformation framework to a down-
welling interior layer of turbulent buoyancy flux diver-
gence and an upwelling bottom boundary layer of turbulent
buoyancy flux convergence, respectively (Ferrari et al.
2016; de Lavergne et al. 2016b; McDougall and Ferrari
2017). Despite the direct relevance of all of these ap-
proaches to the abyssal circulation, there has been little
work done to unify them into a general theory of the
abyssal circulation and stratification.

Building on the framework introduced by Callies and
Ferrari (2018, hereafter CF18), we present a unified
prognostic model of the circulation in an abyssal basin
forced by bottom-enhanced mixing along a midocean
ridge. We modify the geometry, buoyancy forcing, and
initial condition of the CF18 model to include the effects
of a smooth midocean ridge (with the effects of local
roughness parameterized by bottom-enhanced mixing)
and of a nonuniform background stratification on the
circulation. Our approach is to formulate the simplest
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possible model which captures what we believe to be the
key aspects of the problem: 1) the transformation of
abyssal bottom waters into relatively lighter deep waters
by bottom-enhanced mixing on the flanks of a midocean
ridge, 2) frictional processes acting on boundary currents,
3) restratification of abyssal mixing layers by baroclinic
turbulence (crudely parameterized as a linear drag on
the horizontal flow), and 4) bottom water formation in
the Southern Ocean.

The general structure of the abyssal circulation that
emerges from the model consists of layered deep west-
ern boundary currents (DWBCs) along the western
continental slope which are connected by zonal flows to
water mass transformations driven by bottom-enhanced
mixing along a midocean ridge, as schematized in Fig. 1.
The evolution of the interior stratification and the mix-
ing layer water mass transformations are coupled by
slope-normal exchange flows, with the vertically varying
equilibrium stratification being determined by a com-
bination of the mixing layer dynamics and the formation
of dense waters in the south. Finite net water mass
transformations arise ubiquitously along the flanks of
the midocean ridge, supported by vertical variations
in the interior stratification, such that the crest of
the midocean ridge determines the vertical extent of
the abyssal overturning cell, in contrast to a previous
constant-stratification interpretation in which finite net
transformations are confined to the base of topographic
slopes (CF18).

The paper is structured as follows. Section 2 reviews
the results of several theories of abyssal stratification
and circulation in the literature. Section 3 presents
the formulation of the planetary geostrophic circula-
tion model (PGCM) used to produce the simulation
results presented in the paper. Section 4 describes
the general structure of the abyssal circulation as it
emerges in the PGCM. In section 5 we use local so-
lutions to the one-dimensional boundary layer equa-
tions to emulate the three-dimensional abyssal circulation
in the PGCM. Section 6 describes the spinup to equi-
librium of the vertical structure of abyssal interior
stratification and its influence on water mass trans-
formations. Section 7 compares water mass trans-
formations in our PGCM simulations with estimates
for the midocean ridges of the Pacific, Atlantic, and
Indian Ocean basins. Section 8 compares diagnostic
estimates of abyssal upwelling from the water mass
transformation framework with the classic vertical
advection—diffusion framework and evaluates the rela-
tive contributions of various physical terms of the water
mass transformation. Section 9 discusses the implications
of our results, some key caveats, and some promising
future directions.
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FIG. 1. Schematic of a basin-scale abyssal circulation driven by near-boundary mixing.
Dense bottom waters flow northward out of the Southern Ocean via a DWBC (red circle) along
the smooth and relatively quiescent continental slope, where little water mass transformation
occurs. A cross-basin zonal flow feeds bottom waters from the DWBC into a system of abyssal
mixing layers driven by bottom-enhanced turbulent mixing over the rough topography of the
midocean ridge flanks (squiggly orange arrows). The turbulent buoyancy flux converges in a
BBL, driving vigorous diabatic upwelling across buoyancy surfaces (gray lines). In an SML
above, the buoyancy flux diverges, driving diabatic downwelling. The net effect of the up- and
downwelling in the abyssal mixing layers is a net transformation of bottom waters into
deep waters. The newly formed deep waters return via cross-basin zonal flows to the smooth
continental slope, wherein they flow southward in a DWBC (blue circles) to close the abyssal
circulation in the Southern Ocean. For simplicity, we omit the alternating along-ridge flows (see
Fig. 3b) that are in frictional thermal wind balance with the plunging isopycnals.
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2. Theoretical background

a. Classical theories of abyssal stratification
and circulation

Modern theories of the abyssal circulation begin
with a series of papers by Stommel and Arons (1959a,b).
In their theory, the circulation of a homogeneous abys-
sal layer is fed by high-latitude sources of abyssal water
(diabatic downwelling) and driven by a uniformly dis-
tributed sink (diabatic upwelling) of abyssal water. A
uniform upwelling across the base of the thermocline is
prescribed, inspired by the thermocline-thermohaline
theory of Robinson and Stommel (1959). Munk (1966)
further simplifies the Robinson and Stommel (1959)
balance by restricting his attention to the deep ocean
(i.e., below the thermocline) and by considering only
vertical advection and diffusion,

wa.b=0a_(kab), (1)

where b is buoyancy, u® is a uniform vertical velocity,
and « is a uniform turbulent diffusivity. The Munk for-
mulation allows exponential solutions that can be fit to
the observed temperature profiles and combined with
fits of an advection—diffusion—decay equation to radio-
carbon profiles to yield the canonical estimate of deep
ocean mixing k ~ 10"*m?s ™! for a uniform upwelling
of u* =14 x 10 "ms™".

The horizontal abyssal circulation associated with
the upwelling is described by Stommel and Arons
(1959a,b): interior flow is geostrophically balanced
and its meridional component «” is driven by vortex
stretching, as shown by the vertically integrated planetary—
geostrophic vorticity balance

z
]
)

BU =f%

@)
where H is the thickness of the abyssal layer, uj >0 is
the upwelling across the base of the thermocline, f is
the Coriolis parameter, 8 > 0 is the meridional gradient
of the Coriolis parameter, and the vertically integrated
flow U” is thus poleward in both hemispheres (see
Pedlosky 1996 for an elucidating derivation). Inspired
by the success of analogous theories for the wind-driven
gyre circulation (Stommel 1948), Stommel and Arons
(1959a,b) suppose the existence of a deep western
boundary current in which frictional effects allow the
current to deviate from geostrophy and return the in-
terior flow such that the abyss conserves mass.

b. Turning ocean mixing upside down

The Stommel and Arons (1959a,b) and Munk (1966)
theories rely on the existence of a uniform turbulent
diffusivity k ~ 10"*m?s™!, roughly an order of magni-
tude larger than the interior ocean mixing inferred from
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observations (Gregg 1989; Ledwell et al. 1993). While
sufficiently vigorous mixing was eventually discovered
deeper in the ocean near rough seafloor topography
(Polzin et al. 1997; Ledwell et al. 2000; Sheen et al. 2013),
the abyssal mixing problem only became more compli-
cated: applying the vertical advection—diffusion balance
[Eq. (1)] pointwise to mixing profiles x(z)d,b that in-
crease with depth implies diapycnal downwelling

w'=(3,b)"a_(ka,b) <0, 3)

in contrast to the diapycnal upwelling required to bal-
ance diapycnal downwelling at high latitudes!'

This apparent conundrum is resolved by considering
the insulating boundary condition at a sloping seafloor,
which causes buoyancy convergence and hence diapycnal
upwelling in a thin bottom boundary layer (Polzin
et al. 1997; Ferrari et al. 2016; de Lavergne et al.
2016b). In this framework, the abyssal overturning is
the net effect of downwelling driven by bottom-
enhanced mixing in a stratified mixing layer and up-
welling driven by buoyancy convergence in a bottom
boundary layer, which we collectively refer to as abyssal
mixing layers (CF18).

c¢. A puzzling constraint from boundary layer theory

Bottom boundary layer theory [see review of Garrett
et al. (1993)] is a useful dynamical approach to the
problem of flow driven by near-boundary mixing on a
slope, which exerts a strong control on the basin-scale
abyssal circulation (CF18). Following Thorpe (1987),
who built on the approaches of Wunsch (1970) and
Phillips (1970), we rotate the Boussinesq equations into
slope coordinates and assume the flow depends only on
the slope-normal coordinate z’, which gives the simpli-
fied buoyancy equation (see derivation of full equation
set in section 5a):

3,b' +u"Ngsing =9 _[x(Njcosd +a_b)]  (4)

where "' is the upslope velocity, 6 the slope angle, k =
k(Z') the turbulent diffusivity, and we decompose the
buoyancy field b(x, y, z, {) = N2z + b'(x, y, z, f) into a
background corresponding to a constant stratification
N3 and a buoyancy anomaly b’ = b'(z/, t). The boundary
conditions are a no-flux condition d,/b = 9,0’ + N§ cosf = 0
at the seafloor 77 = 0 and decay conditions a_u",
dyb" — 0as 77 — . At steady state, the boundary layer

"'While the sign of the vertical velocity changes, we note that
d.u* > 0 and thus the interior geostrophic flow driven by vortex
stretching is still of the same sign as in the Stommel-Arons
solution.
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equation for the buoyancy anomaly [Eq. (4)] can be
integrated from z’ = 0 to z/ — <o, which yields

N4

be = Kig COLO 5)

for the net upslope transport per unit length ¥y, =

;:ux’dz’, where kpg = k(z — %) is the background dif-
fusivity. The simplicity of this integral constraint is sur-
prising: the net upslope transport depends only on the
background turbulent diffusivity kg and the slope angle
0, and is independent of other environmental parame-
ters which might be expected to influence diapycnal
transport, such as frictional parameters, the background
stratification N3, the Coriolis parameter f, and the ver-
tical structure of the turbulent diffusivity x(z).

Integrating the prediction ¥y, for the diapycnal
transport per unit length along the perimeter Lgiopa >
10°m of the global midocean ridge system (Callies
2018) for a typical ridge slope tan(§) =2 X 10 > and a
background diffusivity of kpg >~ 10 °m?s~ ! produces a
global mixing-driven diapycnal overturning transport
of Lgiobaikpgcotd ~ 0.5Sv, more than an order of
magnitude smaller than the observed abyssal diapycnal
overturning transport of roughly 15Sv (Lumpkin and
Speer 2007).

CF18 resolve this conundrum by using the magnitude
of the upwelling—downwelling ““dipole” from boundary
layer theory as a prediction for the net water mass
transformation, since at the base of topographic slopes
the flows in and out of the boundary layers occur at
different density classes and thus drive a diabatic over-
turning. They find that the strictly upwelling transport
in the bottom boundary layer accurately predicts the
scaling of the maximum net diapycnal overturning
transport, although the predicted overturning is un-
realistically confined to the base of topographic slopes,
where the constraints from one-dimensional boundary
layer theory break down.

d. Boundary-interior exchange

The integral constraint Wy, = kp,cotd [Eq. (5)] relies
on the assumption of constant background stratifica-
tion N2 and slope angle 6. By construction, none of
the other terms are assumed to vary in the plane of
the slope (x', y') either; it follows that there are no cross-
slope convergences d,,° = 0 and hence no slope-normal
exchange between the abyssal mixing layers and the
interior, #¥ = 0 (Wunsch 1970).

With a vertically varying stratification N*(z), however,
variations in the buoyancy gradient project onto the
cross-slope direction x’ = xcosf + zsind, introducing a
second dimension to the problem (e.g., Phillips et al. 1986;
Salmun et al. 1991) and permitting both slope-normal
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exchange flows ¥ #0 and a net diapycnal transport
V.. = [ju" dz’ #Wy,. Heterogeneities can also arise due
to cross-slope variations in the turbulent diffusivity
k(x,y) or the slope angle 6(x, y) (Dell and Pratt 2015),
and have been argued to contribute significantly to
oceanic water mass transformations (McDougall and
Ferrari 2017; de Lavergne et al. 2017; Holmes et al.
2018). These additional heterogeneities are both kept
relatively small by construction in our idealized model
configuration to keep the focus on the effects of varia-
tions in the basin stratification.

e. Dynamics controlling the interior abyssal
stratification

The abyssal stratification is thought to be controlled
by the combined effects of 1) diapycnal mixing in ocean
basins and 2) the competing effects of winds and me-
soscale eddies in setting the slope of isopycnals in the
Southern Ocean. Diapycnal mixing maintains the
stable stratification of the abyssal ocean by effectively
diffusing buoyancy downward, transforming dense
abyssal waters into lighter deep waters (Munk 1966).
This vertical advection—diffusion model is an incom-
plete model of the abyssal stratification, however, as
it omits the complementary process that closes the
overturning circulation by transforming light deep
waters into denser abyssal waters. Munk and Wunsch
(1998) consider a heuristic correction to Munk’s (1966)
vertical advection—diffusion equation for the effect of
horizontal advection from regions of high mixing (or
homogenization by convection), which acts to restratify
regions of weak mixing. A breakthrough in under-
standing the abyssal stratification was the development
of quasi-adiabatic theories of Southern Ocean circula-
tion. In these theories, deep waters are upwelled adia-
batically along sloping isopycnals in the Southern Ocean,
are transformed into abyssal waters in the Southern
Ocean mixed layer by a negative surface buoyancy flux,
and return to the abyss adiabatically along isopycnals
(Marshall and Speer 2012, and references therein). The
Southern Ocean isopycnal slope is determined by a
balance between wind stress and stirring by mesoscale
eddies, which steepen and flatten isopycnals, respec-
tively (Marshall and Radko 2003).

Building on these two independent theories, Nikurashin
and Vallis (2011) develop an idealized model which
couples quasi-adiabatic Southern Ocean dynamics to a
diabatic abyssal ocean basin and predicts the abyssal
stratification and circulation, given only surface bound-
ary conditions and mixing coefficients. For moderate
diapycnal mixing of 10 °m?s ! < k < 10 °m?s™ !, a
regime applicable to both the Ocean and the model
described here, the Nikurashin and Vallis (2011) model

ET AL. 2207

predicts that the interior abyssal stratification depends
both on winds and eddies in the Southern Ocean and
diapycnal mixing in the basin.

A promising aspect of zonally integrated models of
the meridional overturning circulation (e.g., Nikurashin
et al. 2012; Thompson et al. 2016) is that they accurately
reproduce the overturning and stratification exhibited
by idealized ‘‘box”-geometry general circulation models.
The emerging view, however, is that the abyssal cir-
culation of the ocean is controlled by mixing layer flows
along sloping boundaries and thus that the commonly
used “‘box” geometry models may be a misleading
point of reference for theories of the abyssal stratifi-
cation and circulation (Ferrari et al. 2016). Building on
CF18, we describe the formulation of an improved
idealized general circulation model in a ““bowl + ridge”’
geometry which accommodates the recent revisions
to our theoretical understanding of the abyssal ocean
circulation.

3. Planetary geostrophic circulation
model (PGCM)

The numerical model used here is the planetary geo-
strophic circulation model (PGCM) developed by
CF18 to study how bottom-enhanced mixing on slopes
drives an abyssal circulation. We describe the key ele-
ments of our PGCM configuration below, which closely
follows the exposition of CF18. The main differences
between the present study and CF18 are the inclusion
of the midocean ridge, the localization of vigorous
bottom-enhanced mixing to a midocean ridge, and the
generalization to vertically varying interior stratifica-
tions. Readers familiar with the methods of CF18 can
skip section 3 and simply consult Fig. 2, which summa-
rizes our changes to the configuration.

a. Equations

The model solves the Navier—Stokes equations under
the Boussinesq and planetary-scale geostrophic approxi-
mations, with parameterizations for the frictional and
diabatic effects of unresolved processes, given by

feXu=—-Vp+bz—rux+uy), (6)
V.-u=0, and @)

% +u-Vb=V. (VD) — A6 — B,  (8)

where ¢ is time; X, y, Z are unit vectors pointing east,
north, and up, respectively; f = By is the linearized
Coriolis parameter (B-plane approximation); u = (u",
w’, u®) is the velocity vector; p is the pressure divided
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FI1G. 2. Configuration of the PGCM. (a) Seafloor depth in the PGCM. We highlight the southern restoring region
where we apply a buoyancy restoring which acts to transform deep waters into bottom waters (see section 3c) and a
Northern Hemisphere region in which we diagnose water mass transformations along the midocean ridge (see
section 4c). (b) Zonal section of the imposed turbulent diffusivity «, which is bottom-enhanced over the midocean
ridge. (c) The red lines show the four stratification profiles B, used in the PGCM as both the initial condition and as
the reference profile for buoyancy restoring in the southern restoring region. The black line shows the observed
stratification profile from the World Ocean Circulation Experiment (Gouretski and Koltermann 2004) in the South
Pacific, averaged horizontally from 55° to 45°S and from 175°E to 115°W.

by a reference density; b is the buoyancyj; r is a frictional
parameter; k = k(x, y, z) is a spatially dependent tur-
bulent diffusivity; and A = A(y) is a meridionally varying
restoring rate (see section 3c). The system of equations
(6)—(8), with appropriate initial and boundary condi-
tions, yields a self-consistent and prognostic model of
abyssal circulation and stratification.

The Boussinesq approximation filters out acoustic
waves while the planetary geostrophic approxima-
tion filters out gravity waves and geostrophic turbu-
lence. The resulting planetary geostrophic equations
are appropriate for basin-scale oceanic circulations
and are typically used for idealized studies of the
abyssal circulation (e.g., Pedlosky 1996, and refer-
ences therein) and intermediate-complexity Earth
system models (e.g., Holden et al. 2016). While it is
computationally and conceptually useful that the
planetary geostrophic equations filter out the effects
of fast waves and turbulence, the turbulent fluxes of
these relatively small-scale flows are thought to have
leading-order effects on abyssal mixing layers. We
include their qualitative effects in the planetary
geostrophic formulation by way of two idealized
parameterizations.

First, to include the effects of turbulent mixing pro-
duced by the local breaking of internal waves generated
by flow over rough topography, we introduce a term for
the turbulent buoyancy flux convergence V - (kVb) to the
buoyancy equation (e.g., as in St. Laurent and Garrett
2002). The imposed spatially dependent turbulent dif-
fusivity «(x, y, z) approximates the leading-order spatial
structure described by observational estimates® (e.g.,
Polzin et al. 1997; Waterhouse et al. 2014) and is de-
scribed in detail in section 3c.

Second, to include the qualitative effects of isopycnal
mixing by baroclinic turbulence in restratifying the
abyssal mixing layers (Callies 2018) and in thickening
western boundary currents (e.g., Stommel 1948), we
introduce a dissipative term to the momentum equation.
Greatbatch and Lamb (1990) show that introduc-
ing vertical momentum diffusion 9,(vcqayd 1) to the

2 Quantitatively similar profiles of turbulent kinetic energy dis-
sipation are reproduced in simulations of internal wave turbulence
above rough topography, wherein energy from a geostrophic mean
flow (Nikurashin and Ferrari 2010) or the barotropic tide
(Nikurashin and Legg 2011) is converted into unstable high-mode
internal waves via a cascade of wave-wave interactions.
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planetary geostrophic equations with an eddy viscos-
ity veqay = kgmf/N? is equivalent to introducing iso-
pycnal diffusion of potential vorticity with an effective
isopycnal diffusivity of kgy (Gent and McWilliams
1990). Following Salmon (1992), we simplify the dy-
namics further by using a linear friction term (Rayleigh
drag) —r(u*x + v’y) and scale the frictional param-
eter r according to the Greatbatch and Lamb (1990)
parameterization,

2

r ~12x1075s7", (9)

~avgIy
where we choose 6§ = 400 m to be roughly the thickness
of the abyssal mixing layers observed in the Brazil Basin
(Callies 2018); typical abyssal mixing layer values of f =
5%x 10 °sand N> =5 X 107 7s™'; and in the absence of
observational or theoretical constraints assume kgy =
100 m?s ™!, which yields a value veqqy = 0.5 m?s~! simi-
lar to the value veqay = Okpor = 0.4m>s™ " proposed by
Callies (2018) and Holmes et al. (2019), where o is
the turbulent Prandtl number. We use a constant r since
the parameterization is meant to be a crude placeholder
for boundary layer restratification. To our relief, sup-
plementary sensitivity experiments showed that water
mass transformations and the boundary layer structure
are relatively insensitive to the friction parameter r, in
agreement with CF18. The linear drag parameter is
small enough that the frictional terms are negligible in
the interior where the flow is approximately geostrophic
and are important only in near-boundary flows (both the
DWBC s and the abyssal mixing layers along the mid-
ocean ridge) where the horizontal velocities are large
(Salmon 1992; CF18). The choice of r = 1.2 X 107 >s™!
gives a nondimensional value 7 = (r/8L) = 0.1 such that
the width of the Stommel and Arons (1959a,b) DWBCs
is one-tenth the domain width (see section 3d).

b. Geometry and boundary conditions

We configure the PGCM to approximate the leading-
order structure of a typical cross-hemispheric abyssal
ocean basin with a rectangular basin of zonal width L =
3000km and meridional length 2L = 6000km. Our
idealized basin contains a midocean ridge caused by
seafloor spreading in the middle and is bounded in the
west, east, and north by continental slopes (Fig. 2a).
Although the southern region in our configuration
[y < —(L/2) = —3000 km] is also zonally bounded, it
should be thought of as a Southern Ocean-like sponge
layer. In this southern region, the transformation of deep
waters into bottom waters arising from complex circum-
polar channel dynamics (e.g., as described in Marshall
and Speer 2012) are parameterized by an idealized
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buoyancy restoring forcing which pins the buoyancy
field to a reference vertical profile (described in detail
in the next section 3c). The model extends from
z = —2500m at the upper boundary to a maximum
depth of z = —5000m and should be interpreted as
representing only the diabatic lower cell of the meridi-
onal overturning circulation. The idealized configura-
tion can be thought to apply locally to the Atlantic,
Pacific, and Indian Ocean basins below z = —2500m,
which in the present climate are all bounded by topog-
raphy in the west, east, and north and have roughly
meridionally aligned midocean ridges (e.g., those high-
lighted in Fig. 12). The idealized continental slopes are
half-Gaussian and the midocean ridge is Gaussian in the
zonal direction and tapers down to zero meridionally in
the southern restoring region to allow unconstrained
zonal flows to close the circulation of interest in the
diffusively forced basin to the north. The characteristic
seafloor slopes of roughly tan(frigee) ~ 2 X 103 for the
midocean ridge and tan(f.on.) ~ 4 X 1073 for the
continental slope are inspired by the South Atlantic,
where the abyssal mixing layers and large-scale abyssal
circulation are best constrained by existing observa-
tions (Hogg et al. 1982; Polzin et al. 1997; Ledwell et al.
2000; St. Laurent et al. 2001; Thurnherr et al. 2005).
The PGCM is bounded from above by assuming iso-
pycnals are flat, i.e., b = 0 at z = —2500m, which is
approximately valid in all basins north of the Southern
Ocean (Talley 2007; Koltermann et al. 2011; Talley
2013b). The PGCM is bounded from below by an in-
sulating seafloor,n- Vb = 0 at z = —d(x, y), where d(x, y)
is the seafloor depth and n is the unit vector normal to
the boundary.

¢. Buoyancy forcing

The abyssal circulation in our model is forced by
two competing diabatic terms in the buoyancy equa-
tion: minus the divergence of the turbulent buoyancy
flux —V - (—«Vb), which has a positive integral con-
tribution (diapycnal upwelling); and restoring to a
reference buoyancy profile —A(b — B), which must
necessarily have a negative integral contribution (di-
apycnal downwelling). Available potential energy is
produced by parameterized turbulent mixing and con-
verted into kinetic energy via the buoyancy production
term u®b to drive a planetary geostrophic abyssal cir-
culation and balance the available potential energy loss
due to restoring.

1) TURBULENT MIXING

The prescribed turbulent diffusivity « = «(x, y, z)
is everywhere bottom-enhanced with a contribution
equal to kporexp[—(z + d)/h] over the midocean
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ridge, where we choose kpo =5 X 10 m?s 'andh =
250m to roughly match observations in the Brazil
Basin (Fig. 11). The bottom-enhanced contribution to
k is reduced by a factor of 20 to (kpo/20) exp[—(z + d)/h]
over the continental slopes to reflect the observed

Kot €XPL— [z + d(x, y)|/h},

Koot exp{—[z +d(x,y)|/h},

k(x,y,2) = Kpg T
20

with a smoothing function applied over a horizontal
distance of L/10 near the transitions at x = L/2 and x =
3L/2. The net effect of this prescribed mixing is to
power a diabatic upwelling along the midocean ridge,
where mixing is vigorous.

2) BUOYANCY RESTORING IN THE SOUTHERN
RESTORING REGION

The prescribed restoring rate A has a meridional
dependence

0 -3, (os{1-am [T

which is equal to Ao ~ (10 years) ! in the southern re-
storing region and vanishes rapidly northward, A — 0 as
y > —L/2. The prescribed restoring rate is chosen based on
the baroclinic adjustment time scale given by a lateral dif-
fusive time scale 750 = Li,/kgm = (10° m)2/3000 m2s~! ~
10 years, determined for an isopycnal diffusivity kgn =~
3000m*s~! (Abernathey et al. 2013) and a Southern
Ocean of width Lgo ~ 1000 km. This restoring rate is much
faster than the vertical diffusive time scale which spins
up the overturning circulation 7, = H?/K ~ 1000 years,
where H = 2500m is the maximum thickness of
the abyssal ocean and & ~ 10~ m?s™" is the volume-
weighted mean diffusivity in the basin. Thus, the
stratification in the southern restoring region does not
deviate much from the prescribed profile (see Fig. 7).
The net effect of this parameterized buoyancy forcing
in the southern restoring region is to transform deep
waters into bottom waters (diabatic downwelling) to
balance the transformation of bottom waters into
deep waters (diabatic upwelling) driven by mixing
along the midocean ridge in the basin to the north. In
contrast to CF18, we allow reference buoyancy pro-
files B(z) corresponding to vertically varying stratifi-
cation 9,B = N?(z), complicating the interpretation
of the solution in terms of one-dimensional bound-
ary layer dynamics which require a constant interior
stratification NZ.
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weakness of local wave-driven turbulence over smooth
continental slopes (Fig. 11 and Polzin et al. 1997). A
uniform weak background diffusivity ks = (kpo/200) =
2.5 X 10 °m*s ™! is added to stabilize the numerical
solution, yielding a total diffusivity distribution

if L/2 <x <3L/2 (midocean ridge)

(10)
else (continental slopes),

d. Dimensional parameters and scaling

While the PGCM is discussed in dimensional terms,
the PGCM is formulated and implemented nondimen-
sionally. The following dimensional scales,

L =6000km (basin width),

H =2500m (abyssal ocean vertical extent),

B=2%x10""m!s!
(meridional gradient of Coriolis parameter),
N?=15%10"°%s72

(reference stratification at z = —2500m),

_ -3_ 2. -1
Kb01—5X10 m-s

(diffusivity at the midocean ridge seafloor),
r=12x10"3s"! (frictional parameter),

are used to nondimensionalize the system, with the co-
ordinate transformation

x=Lx, y=Ly, z=HZ 12)
and the substitutions
_BL . F R
t=smpt b=N*Hb, p=N2H?%p, (13)
N2H? . N2H? N2H3 .
R y — 7 z— 2 (14
W=, W=, W= (14)

For reference, the nondimensional time 7 = 1 corresponds
to t = 7 ~ 10 years, where 7 = (BL*/N*H*)>. While the
basin scale circulation takes a long time Ty = H?/K ~
1000 years >> 7 to spin up, the abyssal mixing layers are spun
up on a fast time scale Tg;, = qu/Kbot ~ ] year < 7, where

-1 _ /Kbol(fz +r)
=4/ 22—~ ~ 400 15
1 rN? tan26 m (15)
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is the thickness of the mixing layer predicted by 1D
theory (CF18), kpor = 5 X 10> m?s™ ! is the diffusivity at
the seafloor, and f = BL/2 is a representative value of the
Coriolis parameter.

The nondimensionalized equations (see CF18) de-
pend only on the nondimensional parameters

H _ kBL3

. r
L N2H®

BL’

where & is the aspect ratio of the basin and k=
(k/R)T/Tmix, Where T/Tniy is the ratio of the cross-basin
propagation time scale of long Rossby waves (with f= BL)

t=Llc, = [L/ '8];22
¢ (NHIF)

to the diffusive spinup time scale 7, = H?/k. The term 7
is the ratio of the Stommel (1948) western boundary
layer width /B to the basin width L. Since the prescribed
k is spatially dependent, the nondimensional diffusivity
k inherits its spatial dependence «/k. Scaling « by using
the volume-weighted average value K in 7y gives
K = 7/Tmix =~ 0.01. Because the imposed turbulent diffu-
sivity is isotropic, the small aspect ratio & ~ 5 X 10™* re-
sults in a nondimensionalized horizontal diffusivity many
orders of magnitude smaller than the nondimensionalized
vertical diffusivity, which is difficult to implement numer-
ically. Instead, we artificially increase the horizontal dif-
fusivity for numerical stability by increasing the aspect
ratio parameter to & =0.2. This parameter only enters
in the horizontal diffusion term &2[d;(k a;b) + a5 (K ay»B)]
(CF18) and remains small enough that it does not qualita-
tively affect the results presented here, as evidenced by
the negligible role of horizontal buoyancy fluxes in the
water mass transformations (Fig. 5).

&= K F=

(16)

_ BL’
- N2H?’

(17)

e. Numerical implementation

The model is formulated in terrain-following coordi-
nates to accurately resolve the thin mixing-driven flows
along the sloped bottom boundary. The numerical imple-
mentation is described in CF18. The Julia (Bezanson et al.
2017) implementation is available at https:/github.com/
joernc/pgem. The input files, output files, and post-
processing notebooks necessary to replicate the study
are available at https://github.com/hdrake/AbyssalFlow
(Drake 2020).

4. Abyssal circulation controlled by mixing
layer dynamics

We begin by describing the general structure of the
abyssal circulation at equilibrium in the PGCM, i.e., at
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=50 or ¢t ~ 500 years ~ 7, when buoyancy tendencies
have become sufficiently small (Fig. 7a). The stratifica-
tion in the PGCM solution presented in this section is
restored to an exponential profile with a decay scale of
8 = 1000 m in the southern region (solid red dashed line
in Fig. 2), which exhibits vertical variations of similar
magnitude to those observed in the Southern Ocean
(black solid line). This is arguably our most “‘realistic”
simulation of the abyssal ocean and hereafter we refer to
it as PGCM-REAL.

a. Abyssal mixing layers and DWBCs

Figures 3a—c shows the three Cartesian components of
the abyssal flow field along a zonal section 3000 km north
of the equator. In the abyssal mixing layers spanning
both flanks of the midocean ridge, buoyancy surfaces
plunge to intersect the seafloor at a right angle (visually
distorted by the aspect ratio) to satisfy the no-flux boundary
condition. As expected from 1D theory (CF18), the
boundary flows are thicker and stronger over the midocean
ridge, where mixing is strong, than over the continental
slopes, where mixing is weak. In the bottom boundary
layer (BBL), plunging buoyancy surfaces drive frictionally
balanced upwelling (Fig. 3c) and frictional-geostrophic
flow opposite the direction of Kelvin wave propaga-
tion (Fig. 3b), 1i.e., anticyclonic in the Northern Hemisphere.
In the stratified mixing layer (SML) just above the BBL,
buoyancy surfaces are at leading-order flat and the bottom-
enhanced mixing drives downwelling (Fig. 3c), as expected
from the vertical advection—diffusion balance [Eq. (3)] re-
viewed in section 2.

Net diapycnal upwelling in the Northern Hemisphere
can be inferred from the meridional flow field at the
equator: dense bottom waters flow into the Northern
Hemisphere and relatively lighter deep waters flow out
(Fig. 3e). Since the Coriolis force vanishes at the equa-
tor, the buoyant force associated with the bending of
buoyancy surfaces to satisfy the bottom-boundary condi-
tion can only be balanced by a cross-slope frictional flow
(Figs. 3d,f) and any along-slope flows associated with the
abyssal mixing layers vanish (cf. Fig. 3e to Fig. 3b). The
only meridional flows are Stommel (1948)-like DWBCs
along the continental slope on the western side of the
domain and the eastern flank of the ridge (Fig. 3e). In
this particular configuration, a southward-flowing DWBC
develops on the eastern flank of the ridge near its crest and
is much weaker than the DWBC on the western conti-
nental slope. The southward DWBC on the ridge is rela-
tively intensified in simulations with a taller ridge.

b. Depth-integrated and overturning circulations

The global abyssal circulation is more intuitively visu-
alized by considering the three Cartesian streamfunctions
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FIG. 3. Cartesian components of the velocity vector in the PGCM-REAL simulation along: (a)—(c) a midlatitude section in the Northern
Hemisphere, y = 3000 km, and (d)—(f) a section at the equator, y = 0 km. Black lines show three equally spaced buoyancy surfaces.

that describe the flow, which we compute by integrat-
ing the velocities in x, y, and z, respectively® (Fig. 4).
Figure 4b shows the familiar streamfunction for the
meridional overturning circulation (MOC) in the y—z
plane, which should be thought of as corresponding to
the lower cell of the global MOC. This circulation has
a strength of about 1.6Sv at the equator, with water
1) downwelling diabatically in the southern restoring
region, 2) flowing northward to fill the abyssal depths,
3) gradually upwelling along the length of the basin, and
4) returning to the southern restoring region to close the
circulation. We note in particular that the MOC extends
all the way from the ocean seafloor to the top of the
midocean ridge, in contrast to the MOC in the CF18
framework, in which significant overturning is confined
to the base of topographic slopes (see section 6¢ for a
discussion on the role of the ridge height in setting the
vertical extent of the MOC).

The up- and downwelling in the abyssal mixing layers
is evident in the zonal overturning streamfunction in
the x—z plane, which shows upwelling in a thin BBL
and broader downwelling in the SML above (Fig. 4c).
The upwelling in bottom boundary layers is confined
to the two flanks of the midocean ridge, where mixing
is vigorous and bottom enhanced, and is negligible over
the weakly mixed continental slopes. In this case, the

3 Integrating the continuity equation in (du*/ax) + (ow’/dy) +
(0u®/3z) = 0 along any of the three directions x, y, or z and imposing
the no-normal flow boundary condition yields an equation of
the form [[(au*/0x,) + (9u™2/ox;) + (du™/9x3)] dxs = (0U" /axy) +
(0U%/9x,) =0, where x;, xp, x3 are permutations of x, y, z,
U" = [u"dx; and U* = [u*dx;. The resulting nondivergent flow
field can then be expressed as a streamfunction i3 defined
by U= UYx, + U%x, = (=V X i3%3).

upwelling and downwelling transports are equal and
opposite in strength, i.e., the circulation closes, because
the downwelling flow includes both the net diabatic
upwelling along the ridge as well as the net diabatic
downwelling by the restoring condition in the southern
region, which is concentrated on the eastern continental
slope. Nonetheless, the zonal overturning streamfunction
provides a qualitative sense of the zonal overturning
circulations driven by mixing layer dynamics along the
midocean ridge.

The depth-integrated circulation in our simulations
stands in contrast to that of Stommel and Arons’s (1959b)
barotropic model and is the expression of a combination
of various baroclinic DWBCs and mixing layer flows
(Fig. 4a). Within 2000 km of the equator, the northward
and southward components of the DWBCs alternatively
dominate (cf. with the meridional velocity at the equator
in Fig. 3). North of y = 2000km, the depth-integrated
circulation is dominated by the along-slope flow in the
bottom boundary layer, which is opposite the direction of
Kelvin wave propagation. The depth-integrated circulation
is strongly influenced by mixing layer dynamics, both near
the boundaries and in the interior, and is structurally dis-
tinct from that predicted by the linear response to vortex
stretching alone (Stommel and Arons 1959a; Pedlosky
1992; Cember 1998). Sverdrup balance only holds far from
the boundaries and accounts for little of the net transport
compared to the abyssal mixing layer and western bound-
ary current flows, where friction is important.

c¢. Partially compensating water mass transformations

The water mass transformation represents the net
flow across a buoyancy surface driven by diabatic forc-
ing. Water mass transformation in the PGCM is driven
by 1) bottom-enhanced turbulent mixing (positive in the
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FI1G. 4. (a) Barotropic, (b) meridional, and (c) zonal overturning circulations in the PGCM-REAL simulation (see
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and y = L/2, respectively.

net) and 2) restoring to a reference buoyancy profile in
the southern restoring region (negative in the net). In
the Northern Hemisphere, the restoring rate vanishes
by construction and water mass transformation is dom-
inated by the mixing-driven component. Its calculation,
following Walin (1982) and Ferrari et al. (2016), is
given by
d
T(b) = —J V. (kVB)dV, (18)
b Vir<n

where Vi<, is the volume of water less buoyant than b.
Water mass transformation is conveniently expressed
in units of volumetric transport (m®>s™') and can be
decomposed into various contributions. When applied
to regions of bottom-enhanced mixing in the abyss, it is
informative to decompose the net water mass transfor-
mation into the typically negative contribution (balanced
by diapycnal downwelling) in the SML and the typically
positive contribution (balanced by diapycnal upwelling)
in the BBL (e.g., Ferrari et al. 2016; McDougall and
Ferrari 2017). For the purposes of water mass transfor-
mation calculations in this paper, we define the BBL as
the layer with a convergent buoyancy flux, V - («Vb) > 0,
which extends upward from the seafloor to the level at
which buoyancy flux attains its maximum magnitude;
the remainder of the ocean is considered the SML and is
dominated by a buoyancy flux divergence, V - (kVb) < 0.
For convenience, all water mass transformations in
this paper are computed in buoyancy space and re-
mapped into depth space according to the average
depth of buoyancy surfaces,

2(b) = ﬁjz(b) dA, (19)

which facilitates comparison across simulations with
dramatically different stratifications and against the fixed
depths of topographic features in the ocean.

The net Northern Hemisphere water mass transfor-
mation of Ty, = 1.6Sv at 3750m (Fig. 5a), where it
reaches its maximum, is consistent with the depth and
magnitude of the maximum of the MOC streamfunction
at the equator (Fig. 4b). The net water mass transfor-
mation Tye; = Tepr + Tsmr = 1.6 Sv (black line) is the
residual of a positive contribution of Tggy = 2.1Sv
from the BBL (red line) and a negative contribution of
Tsmr = —0.5 Sv from the SML (blue line), both of which
are dominated by the vertical component of the buoyancy
flux divergence (dashed lines), i.e.,

T(b)=abJ V-(Kw)’)dv:aij 9.(x0.b)dV.

b<b

v

b'<b

(20)

Virtually all of this transformation occurs on the flanks
of the midocean ridge (cf. Figs. 5a,b).

For the convenience of being able to ignore meridio-
nal variations in the basin geometry [and their effects on
water mass transformations via the ‘“‘perimeter” effect,
as described by Holmes et al. (2018)], we limit the re-
maining discussion to a domain over L/2 < x <3L/2 and
0 <y < L/2 along the Northern Hemisphere midocean
ridge, which is responsible for roughly 1Sv of the full
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FIG. 5. Water mass transformations from the PGCM-REAL simulation in (a) the full Northern Hemisphere basin (y > 0), (b) along the
Northern Hemisphere midocean ridge (y > 0, L/2 < x < 3L/2), and (c) in a limited water mass analysis region along the Northern
Hemisphere midocean ridge (0 <y < L/2, L/2 < x < 3L/2), as highlighted in Fig. 2. The black line shows the net water mass transfor-
mation, defined by Eq. (18). The red and blue lines show the contributions from the BBL and the SML. The dashed lines show the
contributions from only the vertical component of the buoyancy flux. All water mass transformations in the paper are computed in
buoyancy space and remapped into depth space [according to Eq. (19)].

basin’s transformation (Fig. Sc; limited domain outlined
in Fig. 2a).

The net water mass transformation 7, = 1Sv at
equilibrium is much larger than the LW¥;,, = 0.1Sv
predicted by the integral constraint [Eq. (5)] from 1D
boundary layer theory. To clarify the discrepancy be-
tween the water mass transformations that emerge from
the 3D PGCM and the water mass transformations pre-
dicted by 1D dynamics, we emulate the 3D PGCM
simulation by solving the 1D boundary layer equations lo-
cally and interpolating the solution onto the 3D PGCM grid.

5. Emulating the 3D PGCM with local 1D
boundary layer models

a. Boundary layer theory

Following CF18, we transform the planetary geostrophic
equations (6)—(8) from the Cartesian coordinates (x, y, z)
to a coordinate system (x', y', z’) aligned with an infinitely
extending sea floor at z = xtan6, with slope angle 6,
and ignoring the southern region restoring condition on
buoyancy. The transformation is given by x’ = xcosf +
zsinf,y =y, 7z’ = —xsinf + z cosf. Buoyancy b = B(z) +
b’ is decomposed into a background B(z) with constant
stratification 9, B = N? and an anomaly 5'(z). The steady
state boundary layer equations are thus given by

—f cosOu’’ = b'sinf — r cosf’u” , (21)
feosbu® = —r”', (22)
u” N2 sing = d, [K (NS cosf + az,b’)] , (23)

with a no-flux boundary condition 9,6’ + N7 cosf = 0 at
the seafloor z/ = 0 and decay conditions a.u*, 9,u",
db' — 0 as 77 — 0. These equations yield exact ana-
lytical solutions for constant «k (CF18) and approxi-
mate analytical solutions for elementary k(z) profiles
(Callies 2018).

b. Emulator setup

We emulate the PGCM solution by using finite dif-
ferences to solve the time-dependent boundary layer
equations (21)-(23) with the local Coriolis parameter
f(y) and slope angle 6(x, y) at each (x, y) cell of
the PGCM grid, which is a sensible approach given
that the parameters f(y) and 6(x, y) vary on scales larger
than the those of the boundary layer solutions (Dell and
Pratt 2015). Since these local boundary layer solutions
are given in terms of the local slope-normal direction
7' rather than the true vertical direction z, we project
the solution onto the true vertical direction z with the
substitution z/ — z/cosf and linearly interpolate from
the projected z levels of the boundary layer solution to
the PGCM’s local o levels. This process provides an
emulator of the PGCM which is purely the result of local
1D dynamics but is regridded to the same grid as the 3D
PGCM and can thus be directly compared.

c. Emulator evaluation

We evaluate the emulator against the spinup of a
PGCM simulation with a constant stratification initial
condition N3, hereafter PGCM-CONST. The 1D emu-
lator accurately reproduces the initial spinup of buoyancy
and velocity fields of the PGCM-CONST simulation
along most of the midocean ridge flanks, but fails at the
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FIG. 6. Vertical velocity (colors) and buoyancy surfaces (black lines) in abyssal mixing layers along a zonal
section across the midocean ridge at y = L/2 in (a),(c) the 1D PGCM emulator and (b),(d) the full 3D PGCM, where
both are initialized from identical constant stratification buoyancy fields. The top row shows the solutions at an initial
time 7= 0.1, at which point the abyssal mixing layers have spun up but the basin-scale circulation has not (see
section 3d). The bottom row shows the solution at 7 =50, at which point the full solution has roughly come to
equilibrium with the buoyancy restoring in the Southern Ocean. The predicted buoyancy surfaces in (a) and (c) are
reproduced as dashed gray lines in (b) and (d) to show how the 1D emulator predicts the buoyancy field well for short
times but that the interior stratification in the PGCM drifts far from the 1D emulator’s prediction as it approaches
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equilibrium.

top and bottom of the ridge where the topographic cur-
vature is large and the cross-slope convergences omitted
by 1D dynamics become important (Figs. 6a,b).

As the solution nears equilibrium, however, the inte-
rior basin stratification drifts away from its constant
initial value (cf. gray and black contours in Fig. 6d) and
the boundary layer flows diverge from the 1D emulator’s
prediction (Figs. 6c,d). This is expected, as the basin
stratification of PGCM-CONST is allowed to evolve in
response to the 3D circulation while the background
interior stratification N? is a constant parameter in the
emulator. Relative to the emulator, the equilibrium
PGCM-CONST solution exhibits reduced downwelling
in the SML and enhanced upwelling in the BBL, both
of which contribute to enhancing the net diapycnal
upwelling. In section 6, we use the 1D emulator to
identify properties of the water mass transformations
in the PGCM that can be explained by one-dimensional
dynamics alone.

6. The effect of variable interior stratification on
the abyssal circulation

a. What sets the abyssal stratification?

In our PGCM simulations, the drift of interior buoyancy
surfaces over time (Fig. 6d) suggests that the interior
stratification at equilibrium may differ substantially

from the stratification of the southern region buoyancy
profile. Figure 7a shows the temporal evolution of the
horizontally averaged vertical stratification profile,
averaged over the Northern Hemisphere basin in the
PGCM, where darker greys represent later times. In
PGCM-CONST, the abyssal stratification develops sub-
stantial vertical structure in the basin over time, despite
being rapidly restored back to a constant stratification
in the southern restoring region (solid lines, Fig. 7a). Net
water mass transformation is initially unbalanced by
Eulerian diapycnal flow (cf. Figs. 8b,f) and thus drives
changes in the volume of buoyancy layers, which can be
interpreted as a component of the diapycnal transport
due to the velocity of buoyancy surfaces (Marshall et al.
1999). Excess water mass transformations near the base
of the slope destroy the densest layers and expand the
deep layers, which translate into a reduction of the
stratification that originates at the bottom of the ridge
and propagates upward over time. The details of the
vertical structure of the equilibrium basin stratification
depend on ridge height (not shown), but in all cases the
basin stratification increases from zero at the maximum
depth (imposed by the no-flux condition at the flat bot-
tom) up to near the restoring reference value of N} at
the top boundary.

The zonal-mean basin stratification develops a sig-
nificant meridional structure, wherein the zonal-mean
stratification along the ridge weakens with distance from
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for simulations with a constant stratification restoring buoyancy profile (solid lines) and a restoring buoyancy profile
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brown line delineates the height of the ridge crest. Panels (b) and (c) show the zonal-mean stratification at equi-
librium 7 = 50 (colors) and equally spaced buoyancy surfaces (black lines) for experiments with restoring to constant

and exponential stratification, respectively.

the Southern restoring region (Figs. 7b,c). In contrast to
the mixing layer stratification, which is strongest at the
equator and weaker poleward (Callies 2018; CF18), the
zonal-mean stratification decreases roughly monotoni-
cally with increasing latitude.

Simulations using a reference buoyancy profile that
corresponds to an exponential stratification with decay
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scale of 6§ = 1000 m exhibit much less drift in their strat-
ifications over time (dashed lines, Figs. 7a,b). Although
the equilibrium basin stratifications in all of the different
PGCM experiments develop vertical structure, there
does not seem to be a single preferred equilibrium
stratification that depends only on the mixing: both the
geometry of the abyssal topography and the restoring
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F1G. 8. Water mass transformations in (a),(e) a 1D emulator of the PGCM and (b)-(d),(f)-(h) the 3D PGCM simulations with restoring

buoyancy profiles corresponding to stratification profiles with various exponential scale heights 8 (we recover N> = constant as § — ).
The initial spinup at 7 = 0.1 is shown in (a)-(d) and the equilibrium state at 7 = 50 is show in (¢)-(h). Black, red, and blue lines show the net,
BBL, and SML contributions to the water mass transformations, respectively. The black dashed line in (a) and (e) shows the integral
constraint LW,, = Lky,,COt0nay derived from boundary layer theory, where we take 6,,,« as the maximum slope angle of the midocean
ridge flank.
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FI1G. 9. Scaling of water mass transformations in mixing layers with (a) the height & over which the restoring stratification varies and
(b) the bottom diffusivity kpe. Colored symbols represent the absolute value of the maximum transport in the BBL (red), the SML (blue),
and the net (black), with diamonds representing the PGCM-REAL simulations. The gray shading in (a) represents realistic vertical scales
8 over which abyssal stratification varies and in (b) represents plausible values of the bottom diffusivity kpe. (¢) An example of the water
mass transformations for a bottom diffusivity kpor = 5 X 103 m?s ™, a stratification height scale 6 = 1000m, and a ridge height of
rp, = 1500 m, where the corresponding maxima are marked by diamonds and the dashed brown line represents the ridge crest. In all
experiments, the maximum net and BBL transformations occur at depths of roughly 4250 m, at the base of the ridge slope, while the

maximum SML transformation occurs at the ridge crest.

profile in the southern restoring region influence the
interior stratification at equilibrium.

b. Effect of variable stratification on water mass
transformations

We begin by considering the case of transient spinup
from a reference buoyancy profile with constant stratification
N2, PGCM-CONST. It is useful to consider the evolution of
the PGCM during its initial spinup [ ~ (7 /7) = 0.1] when
only mixing layer dynamics are relevant and the solution is
thus well predicted by the 1D emulator (Fig. 6). Figure 8a
shows the water mass transformations in the 1D emu-
lator at 7 = 0.1, which almost exactly predicts the water
mass transformations in the full 3D PGCM (Fig. 8b).

Over —4200m < z < —3000 m, where the slope of the
midocean ridge is roughly constant, the near-boundary
flow exhibits a vanishingly small net transport (solid
black line in Fig. 8a), which is approximately equal to the
integral constraint Tpe ~ LWy = Lkpgcotd = 0.1Sv
predicted by 1D boundary layer theory (dashed black
line in Fig. 8a). This vanishingly small net transport is the
result of large positive transformation Tgpy (diabatic
upwelling, in red) in the BBL and almost-as-large neg-
ative transformation Tgyy (diabatic downwelling, in
blue) in the SML. Below z = —4200m, at the base of the
topographic slope, abyssal bottom waters feed the up-
welling in the BBL and the maximum net water mass
transformation is well predicted by the strictly upwelling
transport in the bottom boundary layer from 1D theory
(Figs. 8a,b), as suggested by CF18.

For the spinup from a reference stratification that in-
creases exponentially with height (as is almost ubiquitously

the case in the abyssal ocean), the integral constraint
[Eq- (5)] no longer holds at /= 0.1 and the solution al-
ready exhibits a net transformation much larger than
LW, at all depths from the base of the slope to the ridge
crest (Figs. 8c,d). The increase in the net transformation,
which spans the full vertical extent of the ridge, is pri-
marily due to a decrease in the downwelling in the SML
which, in the extreme case of an exponential scale height
of 8 = 500m for the reference stratification, vanishes
completely (Fig. 8d). The strongly positive net transfor-
mation is primarily due to the buoyancy convergence
driven by the rapid increase of the initial stratification with
height, i.e., kd_.B > 0 reduces the divergence V - (kVb) <0
due to 9.« < 0 in the SML (see also Fig. 14).

As these solutions reach equilibrium, they retain a
finite net transformation at all depths from the base of
the slope to the ridge crest, slightly reduced by gradually
strengthening negative transformations in the SML (cf.
Figs. 8g,h to Figs. 8c,d). At equilibrium, we find the
degree of compensation near the ridge crest depends on
the vertical scale over which the restoring stratification
varies (within a range applicable to the ocean): the more
rapidly the stratification increases with height, the less
upwelling in the BBL is compensated by downwelling in
the SML (Figs. 8f-~h and 9a). In contrast, upwelling in the
BBL is remarkably invariant to vertical variations in the
stratification and remains a reasonable prediction for
the maximum net transformation (Figs. 9a,b), which
occurs at the base of the slope where the compensating
downwelling contribution from the SML vanishes (Fig. 9c).
Thus, while the maximum net water mass transformation
is accurately predicted by upwelling in the BBL alone, the

020z AInr 62 uo 1senb Aq jpd ¢ L €06 Podl/9s#E861/£02Z/8/05/4Pd-8lonJe/0d(/B10-00s}eWe S|euInol//:diy woy pepeojumoq



JOURNAL OF PHYSICAL OCEANOGRAPHY

VOLUME 50

>

4500 o o o

T
""" ol

5000 T ——— +
-3-2-10 1 2 3 -3-2-10 1 2
transformation rate [Sv]

depth [m]
B w
=) O
= =)
o o
e
(%]
o
[=)
=
|
] |
|
1

transformation rate [Sv]

3-2-10 1 2 3
transformation rate [Sv]

3-2-10 1 2 3
transformation rate [Sv]

FIG. 10. Water mass transformations in PGCM simulations as a function of ridge height. All panels are for a fixed constant stratification
restoring buoyancy profile. (a)—(d) The initial spinup at 7 = 0.1 and (e)—(h) the equilibrium state at / = 50. Midocean ridge height increases
in increments of 500 m from left to right, as indicated by the dashed brown lines. Black, red, and blue lines show the net, BBL, and SML

contributions to the water mass transformations, respectively.

vertical structure and extent of water mass transforma-
tions depend also on downwelling in the SML, which
itself is strongly dependent on the vertical stratification,
and is not predicted by 1D theory.

c. Vertical extent of overturning set by ridge height

We have shown that most of the water mass trans-
formation occurs within abyssal mixing layers along the
midocean ridge (Figs. 5a,b). We further hypothesize that
variations in the height of the ridge modulate the ver-
tical extent of abyssal water mass transformations and
thus the vertical extent of the abyssal overturning cell.
We test this hypothesis by running variations of the
PGCM-CONST where we vary the ridge height from
500 to 2000m, in increments of 500m. In the initial
spinup, largely compensating positive and negative trans-
formations develop in the BBL and SML, respectively,
from the base of the ridge slope up to the ridge crest
(Figs. 10a—d). The net transformation below the ridge crest
vanishes according to the integral constraint [Eq. (5)], ex-
cept near the seafloor where bottom water feeds into the
BBL. At equilibrium, however, the stratification drifts
away from its constant reference state (e.g., Fig. 7) and
permits a finite net transformation (Figs. 10e-h), which
spans the full vertical extent of the ridge. The result that
the vertical extent of the abyssal MOC follows the
vertical extent of the midocean ridge is consistent with

Lumpkin and Speer’s (2007) global inversion for the
MOC, which shows that the vertical extent of the
Atlantic and Indo-Pacific lower MOC cells appear to
closely follow the vertical extent of their respective
major bathymetric features (i.e., midocean ridges).

7. Comparison with realistic midocean ridges

The topography and mixing in the PGCM is inspired
by observations from the Brazil Basin (Fig. 11), one of
the regions of the abyssal ocean best characterized by
observations (e.g., St. Laurent et al. 2001; Thurnherr and
Speer 2003). The circulation that emerges from the
PGCM-REAL simulation (Fig. 11b) is qualitatively
similar to the circulation inferred from observations
using an inverse model (Fig. 11a, based on St. Laurent
et al. 2001): bottom-enhanced mixing along the slope
of the midocean ridge drives upwelling in a bottom
boundary layer and downwelling in a stratified mixing
layer above.

To contextualize our simulated water mass transfor-
mations, we estimate water mass transformations in
the ocean based on hydrography and a commonly
used mixing parameterization, following Ferrari et al.’s
(2016) modifications of Nikurashin and Ferrari (2013).
The buoyancy flux is parameterized by w'b’ = —Te,
where ¢ is the kinetic energy dissipation and I’ is a
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FIG. 11. Diabatic zonal overturning circulation driven by bottom-enhanced mixing on the
western flank of a midocean ridge in (a) the South Atlantic Ocean and (b) the western half of
the PGCM-REAL simulation domain. White lines show arbitrarily chosen contours of the
counterclockwise zonal overturning streamfunction, where the values for (a) are digitized from
Fig. 14 of St. Laurent et al. (2001) and for (b) are diagnosed from PGCM-REAL simulation.
Coloring shows the vertical diffusivity in log scale (light gray shading represents depths with no
microstructure measurements and does not necessarily represent topography), where (a) is
inspired by Fig. 2 of Polzin et al. (1997) and the diffusivity is calculated with microstructure
profiles from the BBTRE experiment (archived at https://microstructure.ucsd.edu/#/; Polzin
et al. 1997; St. Laurent et al. 2001). Black lines in (a) are potential density o4 surfaces (refer-
enced to 4000 m) from the microstructure profiles and in (b) buoyancy surfaces from the PGCM
solution, chosen arbitrarily to show that the zonal overturning circulation is indeed diabatic.
The dark gray lines in (a) show the depth minimum (canyon thalweg) and maximum (canyon
crest) seafloor depth within 0.5° latitude of the microstructure profiles. In (b), zonal distance
along the PGCM section has been converted to an equivalent longitude at 25°S so that length

scales can be directly compared between the two panels.

“mixing efficiency’ set to I' = 0.2 (Osborn 1980); the
buoyancy field (computed from the neutral density vy)
is taken from a gridded product derived from hy-
drographic sections of the World Ocean Circulation
Experiment (Gouretski and Koltermann 2004); and
we impose the insulating bottom boundary condition
n-wb' ~w'b' =0 (where n ~ z for typical bathymetric
slopes of tanf <« 1). The dissipation rate ¢ is produced by
applying linear wave radiation theory for internal tides
(Nycander 2005) and lee waves (Nikurashin and Ferrari
2011) and assuming a fraction ¢ = 0.3 of the radiated
energy is locally dissipated according to a bottom-enhanced
structure function with a height scale of 500 m (St. Laurent
and Garrett 2002). We compare water mass transfor-
mation estimates from the ocean with estimates from
PGCM-REAL, a simulation with restoring to an ex-
ponential reference stratification with a decay scale of
1000 m and which is our simulation with a stratification

in the southern restoring region most similar to the
Southern Ocean’s (Fig. 2c). We focus on rectangular
regions with dimensions 3000km X 3000km (in the
PGCM) or 30° longitude X 30° latitude (in the ocean),
which encompass comparable ridge lengths and surface
areas at subtropical latitudes. Water mass transforma-
tions in the PGCM-REAL simulation (Fig. 12a) are the
result of partially compensating buoyancy flux conver-
gence (Fig. 12e) in the BBL (red colors) and buoyancy
flux divergence in the SML (blue colors). Qualitatively
similar (but noisier) water mass transformations emerge
for the midocean ridge regions in the Pacific, Atlantic,
and Indian Oceans (Figs. 12b-d, regions delineated by
boxes Figs. 12e.f). While the net transformation varies
from 0.5Sv in the South Pacific region to 2Sv in
the Indian Ocean region, the net transformation is
always the result of partially compensating upwelling
and downwelling. This qualitative similarity emerges in
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FI1G. 12. (top) Water mass transformations at all abyssal depths and (bottom) buoyancy flux convergence at 3250 m depth in similarly
sized domains containing midocean ridges, as diagnosed from (a),(e) the PGCM-REAL simulation and estimated for the (b),(f) Pacific,
(c),(f) Atlantic, and (d),(f) Indian Oceans. In (a)—(d), the black, red, and blue lines show the net, BBL, and SML contributions to the water
mass transformations, respectively (gray shaded indicates depths representing very little ocean volume). The black boxes in (e) and
(f) delineate the similarly sized regions (each with dimensions of roughly 3000 km X 3000 km) for which we compute the water mass
transformations. In (e) and (f), red and blue show regions of buoyancy flux convergence (positive buoyancy tendency) and buoyancy flux

divergence (negative buoyancy tendency), respectively.

the large-scale water mass diagnostic, despite the rela-
tively heterogeneous nature of the estimated buoyancy
flux and topography in the ocean basins (cf. Figs. 12f,e),
because in all cases the turbulent buoyancy flux is bot-
tom enhanced (driving downwelling) and tapers to zero
over the last grid cell to meet the insulating boundary
condition within some bottom boundary layer (driving
upwelling). This property of compensating water mass
transformations is in contrast to the case of a constant
buoyancy flux (Ferrari et al. 2016; Holmes et al. 2018), in
which there is no compensating downwelling. Estimates
of global abyssal water mass transformations, however,
exhibit stronger compensation by downwelling in the
SML than shown here for midocean ridge regions [by
factors of 2 and 3 for Ferrari et al. (2016) and McDougall
and Ferrari (2017), respectively]. In section 8 we present
evidence in support of McDougall and Ferrari’s (2017)
speculation that much of this discrepancy arises due
to the effects of correlations between the buoyancy
flux and the stratification, which are omitted in their
calculations. Ferrari et al.’s (2016) estimate includes
these correlation terms but relies on poorly sampled
knowledge of the buoyancy flux and stratification

close to the seafloor, which likely introduces substantial
uncertainty in their estimate. While much work has gone
into understanding how the compensation factor de-
pends on various parameters of the diagnostic approach
based on climatological observations and parameterized
mixing (McDougall and Ferrari 2017; Holmes et al.
2018; Cimoli et al. 2019), the functional dependence of
the compensation factor in the prognostic dynamic ap-
proach has received comparably little attention and is
not well known.

8. Classic recipes and new trends in abyssal cuisine

Quantitative study of the abyssal stratification began
with the classic study of Munk (1966): a point-wise
theory in which the observed abyssal stratification is
the result of a balance between uniform upwelling
and a uniform turbulent vertical mixing. As antici-
pated by Munk (1966), subsequent observations show
turbulent mixing to be strongly heterogeneous, with an
emerging pattern of weak background mixing and vig-
orous mixing near rough topography (Polzin et al. 1997;
Waterhouse et al. 2014). In light of these observations,
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Munk and Wunsch (1998) revisited Munk’s (1966) theo-
rized point-wise vertical balance and rederive it as a hori-
zontally averaged buoyancy budget, which we transcribe as

(W)A ~ <N2>71d%[A(Z)<K><N2>] (24)
in our notation, where the key assumption is that cor-
relations between the turbulent diffusivity «, the strati-
fication N2, and the vertical velocity w are all assumed to
be negligible, such that (WN?) = (w)(N?) and (kN?) =
(k)(N?). In Figs. 13a—c, we show, respectively, the three
terms in Eq. (24): the horizontally averaged stratifica-
tion (N?), the turbulent buoyancy flux («)(N?), and the
isobath surface area (ocean area at a fixed depth) A(z).
In Fig. 13d, we show the left- and right-hand sides of
Eq. (24) in the PGCM-REAL simulation at equilibrium.
The horizontally averaged vertical flux divergence [right-
hand side of Eq. (24)] is a poor prediction for the diag-
nosed vertical transport. This is not surprising, given that
1) w, N, and « are spatially correlated in our solutions
and 2) that density surfaces are strongly sloping near
boundaries. Analysis in buoyancy coordinates, such
as either the thickness-weighted average framework
(De Szoeke and Bennett 1993; Young 2012) or the water
mass transformation framework (Walin 1982), are more
appropriate. The mixing-driven water mass transfor-
mation (solid black line) equals the diapycnal transport
(the diabatic MOC of interest here), by definition, but
also serves as a better approximation of the vertical
transport (w)A than the right-hand side of Eq. (24).

In Fig. 13c, we show that ignoring correlations within
the buoyancy flux (kN*) =~ (k)(N?) introduces large
biases relative to the full horizontal-mean buoyancy
flux, which results in even larger biases in the flux di-
vergence (Fig. 13d). To investigate the role of these
spatial correlations between « and N* more exactly, we
return to the water mass transformation framework,
where we now define (-)=A;1[ 4, dA as the average
along a buoyancy surface. Following Holmes et al.
(2018), we can thus decompose the vertical component
of the water mass transformation into uncorrelated and
correlated components, respectively:

T, = 3,(A(Kd_b)) =9, (A(k)(d,b)) + 9,(A(K'a D)),
(25)

where ¥’ = k — (k) and 9.’ = 9,b — (3.b) are deviations
from the mean along a buoyancy surface. Figures 14a
and 14c show that ignoring the correlation terms in the
water mass transformation results in an overestimation
of the net transformation by 20%-200% because the
stratification 9,0’ is locally reduced in the abyssal mixing

ET AL. 2221

layers where «’ is high (orange lines in Figs. 14a,c), with
the magnitude of this bias varying dramatically across
simulations with different topographic geometries and
restoring profiles.

To support our hypothesis that vertical variations in
the stratification are necessary to support large net water
mass transformations, we further decompose the uncor-
related component into a component related to the change
in the mean stratification and a residual component related
to changes in both the area of the buoyancy surface and
the mean diffusivity:

9, (A(K)(9,b)) = A(Kk)d,(9,b) + (9,0)d, (A(k)). (26)
In the experiment shown in Figs. 14a and 14b, where the
uncorrelated component is a reasonable approximation
of the net transformation, we find the net transformation
to be largely driven by variations of the stratification
with buoyancy, A(k)d,(d.b), although variations in the
diffusivity integrated along a buoyancy surface are also
important. Variations in the stratification also appear
important in the experiment shown in Fig. 14d, although
this decomposition is more difficult to interpret since the
uncorrelated component overestimates the net trans-
formation by a factor of 3 (Fig. 14c).

9. Discussion

The idealized numerical model presented here de-
scribes an abyssal circulation and stratification controlled
by mixing-driven flows along a midocean ridge in a cross-
equatorial basin (Fig. 1). By initializing with—and re-
storing to—a series of reference buoyancy profiles in the
south of the basin, we investigate transient and equilibrium
coupling between the basin stratification and the mixing-
driven boundary flows. At equilibrium, dense abyssal
waters form in the southern restoring region and flow
north via adiabatic deep western boundary currents
(DWBCs; red circle), filling the abyssal depths in both
hemispheres. Along the midocean ridge, bottom-enhanced
mixing (squiggly lines) drives a net transformation of dense
abyssal waters into lighter deep waters, the residual of
partially compensating upwelling in a bottom boundary
layer (BBL) and downwelling in a stratified mixing layer
(SML) right above it. The newly formed light deep waters
flow zonally toward the western continental slope (solid
arrow), returning southward via an adiabatic deep western
boundary current to the restoring region (blue circles), and
closing the abyssal overturning circulation as they are
once again transformed into dense abyssal waters.

Despite the extreme degree of idealization in our
formulation of the planetary geostrophic circulation
model (PGCM), the water mass transformations that
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FIG. 13. Comparison of abyssal upwelling diagnostics in the PGCM-REAL simulation for the water mass trans-
formation analysis region highlighted in Fig. 2a. The orange and blue lines in (d) represent the left- and right-hand
sides, respectively, of the horizontally averaged advection—diffusion balance (w)A ~ (N*)~!(d/dz)[A(z)(x)(N?)]
[Eq. (24)], which accounts for changes in isobath surface area A(z) with depth but ignores correlations between w,
«, and N* and excludes the horizontal advection. The solid blue lines in (a)—(c) show the individual components of the
expressions: (a) the horizontally averaged stratification (N%), (b) the horizontally averaged buoyancy flux (k)(N?%),
and (c) the isobath surface area A(z). The dashed line in (b) shows the role of correlation terms (kN*) — (k)(N?) in
setting the vertical structure of the buoyancy flux. Finally, the solid black line in (d) shows the net water mass
transformation, where its native density coordinate has been mapped into a pseudodepth coordinate by taking the
average depth of a given buoyancy surface [Eq. (19)]. For all of our simulations, vertical advection—diffusion bulk
models are poor approximations of diapycnal abyssal upwelling.

emerge at equilibrium are qualitatively similar to diag-
nostic estimates of water mass transformations near
midocean ridges in the Pacific, Atlantic, and Indian
Oceans (Fig. 12), which are themselves fairly uncertain
(Cimoli et al. 2019). Similarly, the zonal overturning that
emerges within bottom mixing-driven flows along the
midocean ridge are qualitatively similar to that de-
scribed by an inverse model of the abyssal Brazil Basin
based on in situ measurements (St. Laurent et al. 2001,

and Fig. 11). Remaining differences between our simu-
lations and observations are likely due to the crude nature
of our parameterizations for the restratification by sub-
mesoscale turbulence and for the formation of bottom
waters in the Southern Ocean, as well as uncertainties in
the observational estimates.

The equilibrium interior stratification in the PGCM
always exhibits dynamically significant vertical variations,
the structure of which is determined by a combination of
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FIG. 14. Decomposition of the water mass transformation into various physical components in (a),(b) the
PGCM-REAL experiment and (c),(d) an experiment with a shorter ridge and constant reference stratification. In
(a) and (c), we approximate the full water mass transformation (dashed black) by the contribution from the vertical
buoyancy flux 9,(A(kd b)) (solid black), which we then decompose into an uncorrelated component 9,(A(k)(d.b))
(solid blue) and a residual 9,(A(x’'d.b’)) (solid orange), where (-) denotes averaging along a buoyancy surface. In
(b) and (d), we further decompose the uncorrelated component into contributions due to the buoyancy derivative of
the mean stratification 9,(d.b) (dashed) and the integrated diffusivity along a buoyancy surface d,(A(k)) (dotted).

mixing layer dynamics and the restoring condition in
the south. Even in our simulations that are initialized
from—and restored to—a constant stratification reference
buoyancy profile, heterogeneities in the topographic slope
cause cross-slope divergence and a corresponding exchange
flow between the abyssal mixing layers and the interior.
Over time, these exchange flows modify the interior strat-
ification and associated water mass transformations.

As in CF18, we find the prediction of upwelling in the
BBL by one-dimensional (1D) boundary layer theory
provides a reasonable approximation to the maximum
net transformation or, equivalently, the strength of the
diabatic meridional overturning circulation (Figs. 8 and
9). While this interpretation provides a useful prediction
for the maximum net transformation which occurs at the

base of topographic slopes, it does not inform the net
transformation along the flanks of the midocean ridge,
where upwelling in the BBL is instead partially com-
pensated by downwelling in a SML. At depths where
both the BBL and the SML are active, 1D theory predicts
almost perfect compensation and a resulting net transfor-
mation that is vanishingly small [Eq. (5) and Figs. 8a.e].
In contrast, our PGCM simulations exhibit finite net
water mass transformations that extend from the base of
the ridge slopes all the way up to the ridge crest (Fig. 10),
consistent with both our oceanic estimates (Fig. 12) and
inverse models of the Indo-Pacific overturning circula-
tion (Lumpkin and Speer 2007). We attribute the exis-
tence of a finite net transformation to vertical variations
in the basin stratification (Figs. 8 and 14). As we increase
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the degree to which the restoring stratification varies
in the vertical, the compensation of BBL upwelling by
SML downwelling (evaluated near the depth of the
ridge crest) ranges from nearly perfect compensation
to nearly zero compensation (Fig. 9a). Thus, while 1D
bottom boundary layer theory provides a reasonable
approximation to maximum net water mass transfor-
mation, the vertical extent and structure of water mass
transformations depends on the degree of compensation
by downwelling in the SML, which is itself coupled to
the vertically varying basin stratification.

Our simulations show that correlations between mixing
and stratification (Figs. 14a,c), which are typically ignored
in idealized models of the zonal-mean abyssal over-
turning (Nikurashin and Vallis 2011; Jansen and Nadeau
2019), can be of leading-order importance in abyssal
water mass transformations; whether these correlations
are important in the ocean remains an open question.
Despite our improved understanding of the roles of
bottom mixing and the interior basin stratification on the
abyssal water mass transformations and circulation, we
fall short of a predictive analytical theory for the abyssal
overturning and stratification that couples boundary
layer dynamics with a model for the evolution of
the interior stratification. Recent and ongoing work in
1) observing abyssal mixing layers (e.g., Garabato et al.
2019), 2) investigating their dynamics with idealized
theory and simulations (Wenegrat et al. 2018; Callies
2018; Holmes et al. 2019), 3) developing and evaluating
parameterizations of their turbulent fluxes, 4) and cou-
pling them to the basin stratification [e.g., refining the
approach of Salmun et al. (1991)] will all be key ingre-
dients for cooking up a revised theory of the abyssal
circulation and stratification.
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